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1. Introduction
Plate tectonic theory is the most renowned solid-Earth geoscience discovery of the 20th century, and 
yet there is no consensus hypothesis for how and why plate tectonics developed on Earth (e.g., Gerya 
et al., 2015; Hansen, 2007; Rey et al., 2014; C. Tang et al., 2020). Similarly, there is little agreement as to 
what planetary cooling mechanism preceded plate tectonics (e.g., Collins et al., 1998; Hopkins et al., 2008; 
Moore & Webb, 2013; O'Neill & Debaille, 2014). Nonetheless, over roughly the past decade, an increasingly 
rich and diverse body of work has indicated a ca. 3.2–2.5 Ga onset of some form of subduction tectonics 
that was either episodic or continuous. This work includes isotopic (e.g., Naeraa et al., 2012), geochemical 
(e.g., M. Tang et al., 2016), petrological (e.g., Brown & Johnson, 2018), geological (e.g., Pease et al., 2008), 
geochronologic (e.g., Condie & Puetz, 2019), and paleomagnetic (Brenner et al., 2020) studies supporting 
the onset of plate tectonics during the Meso and/or Neoarchean, alongside numerical modeling explora-
tions and reconstructions suggesting >3.2 Ga operation of hot stagnant-lid tectonics (Johnson et al., 2017; 
Moore & Webb, 2013). As such, it can be argued that the scientific community now approaches a consensus 
concerning when plate tectonics initiated, which would allow a stronger focus on addressing how and why 
this process occurred.
However, the Eoarchean (ca. 3.8–3.6 Ga) Isua supracrustal belt of southwest Greenland (Figure 1) stands 
out as a counterexample versus proposed ≤3.2 Ga emergence of plate tectonics. The belt and its adjacent 
metatonalite bodies represent one of Earth’s largest and best-preserved Eoarchean granitoid-greenstone 
terrane (e.g., Nutman & Friend, 2009). Such terranes have been diversely interpreted to record plate tectonic 
Abstract Archean geological records are increasingly interpreted to indicate a ≤3.2 Ga initiation 
of plate tectonics on Earth. This hypothesis contrasts with dominant plate tectonic interpretations for 
the Eoarchean (ca. 4.0–3.6 Ga) Isua supracrustal belt (southwest Greenland). Alternatively, recent work 
shows the belt could have formed via heat-pipe tectonics. Predicted strain distributions across the belt vary 
between models. Plate tectonic models predict a dominant unidirectional shear sense, corresponding to 
subduction vergence, and strain localization within ∼10-m-scale shear zones. In contrast, the proposed 
heat-pipe model predicts two opposing shear senses, corresponding to opposite limbs of 0.1-m to km-scale 
a-type folds (i.e., sheath and curtain folds), with relatively equal strain distributed across the belt. Here, we 
present the first microstructure study using thin-section petrography and electron backscatter diffraction 
analysis on quartz of oriented samples from throughout the Isua supracrustal belt. Key findings are: (1) 
the Eoarchean Isua supracrustal belt was deformed at ∼500°C–650°C, with potential postdeformational 
recovery at similar or lower temperatures, (2) the spatial distribution of the two opposing shear senses 
which dominate the belt (top-to-southeast and top-to-northwest) appears to be random, and (3) the strain 
intensity across the belt appears to be quasiuniform as evidenced by the uniformly low (mostly <0.1) 
M-indexes of quartz fabrics, such that no ≤ 100 -m-scale shear zones can be detected. Our findings are 
only consistent with the predictions of the heat-pipe model and do not require plate tectonics, so the 
geology of the belt is compatible with a ≤3.2 Ga initiation of plate tectonics.
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and/or stagnant-lid tectonic processes (e.g., Van Kranendonk, 2010; Van Kranendonk et al., 2007). In the 
case of the Isua supracrustal belt, nearly every site-specific study has concluded that it preserves a plate 
tectonic terrane collision (e.g., Friend & Nutman, 2011; Hanmer & Greene, 2002; Komiya et al., 1999; Nut-
man et al., 2020; Nutman & Friend, 2009; Polat & Hofmann, 2003). Only recently has an alternative tectonic 
model involving heat-pipe cooling been proposed (Webb et al., 2020). If terrane collision did occur, and does 
record plate tectonics, then the emerging consensus of a 3.2–2.5 Ga onset of plate tectonics would need to be 
abandoned. Further examination of Isua’s record and its implications is therefore warranted.
A classical approach to testing regional tectonic evolution models is determining the pressure-tempera-
ture-time-deformation (P-T-t-d) history recorded across the different rock units and structural domains of 
a system. For the Isua supracrustal belt, questions of P-T-t-d evolution indeed remain, which could per-
mit model testing. Some plate tectonic models predict metamorphic gradients, which the belt may or may 
not contain (e.g., Arai et al., 2015; Nutman et al., 2020; Webb et al., 2020). Likewise, complex sequential 
deformation patterns have been predicted in plate tectonic models (e.g., Nutman et al., 2013b), but strain 
records have been only sparsely investigated across the belt. For example, published shear sense informa-
tion has been limited to few localities, including the western edge of the Isua supracrustal belt (Hanmer 




Figure 1. Map showing key geology of the Isua supracrustal belt (modified from Nutman and Friend [2009]). Insets show ca. 3.5–3.2 Ga dikes cross-cutting the 
pre-3.5 Ga contacts and structures. In the right inset, deformed rocks show bullseye map patterns of km-scale sheath folds (a la Alsop & Holdsworth, 1999). The 
dikes in the bottom inset are thought to be deformed in Neoarchean time (Nutman et al., 2004; White et al., 2000), but they cut the pre3.5 Ga contacts at high 
angles. Therefore, this late deformation is thought to be weakly expressed in this area. This map does not show the ca. 3.66 Ga Inaluk dike and ca. 3.66–3.61 Ga 
granite and pegmatite sheets because these occur in minor volumes. Their locations are presented in the Figure S2 (for granite and pegmatite sheets) or in the 
original map in Nutman and Friend (2009). The Inaluk dikes intruded both ca. 3.7 and ca. 3.8 Ga tonalites whereas granite and pegmatite sheets intruded ca. 
3.7–3.8 Ga tonalites and supracrustal rocks (Crowley, 2003; Crowley et al., 2002; Nutman & Friend, 2009). Abbreviation: BIF, banded iron formation.
Tectonics
one location on the boundary of the belt and south metatonalite (Komiya et al., 1999), and 15 field-based 
shear senses concentrated in the central northeast portion of the belt (Webb et al., 2020). Therefore, the 
deformation style and its relationships to local magmatic and metamorphic events are poorly constrained. 
One consequence is that the two main plate tectonic interpretations involve opposing subduction directions 
(cf., Komiya et al., 1999; Nutman & Friend, 2009). As such, the work presented here seeks to improve our 
understanding of the nature and sequence of deformation across the belt, and a complementary study 
(Ramírez-Salazar et al., 2021) seeks to improve our understanding of the belt’s metamorphic evolution.
In this study, we conduct petrographic and quantitative crystallographic orientation analysis using elec-
tron backscatter diffraction (EBSD) analyses on thirty-three quartz-bearing samples from across the eastern 
half of the Isua supracrustal belt (Table 1) to examine their deformation fabrics (Figure 1; Tables 1 and 
2). On the bases of field-based structural measurements and oriented sampling, EBSD can determine the 
crystallographic preferred orientations (CPOs) of quartz grains to explore strain histories, including defor-
mation temperature (Kruhl, 1998; Stipp et al., 2002), strain magnitude (Heilbronner & Tullis, 2006), kine-
matic vorticity (Law, 1990; Law et al., 2004), and/or shear sense (Law, 1990; Schmid & Casey, 1986; Zibra 




The Eoarchean Isua supracrustal belt is a ∼35 km long, ∼1–3 km wide folded terrane located in southwest 
Greenland near the edge of the glacial ice sheet (Figure 1) (e.g., James, 1976; Keto & Kurki, 1967; Komiya 
et al., 1999; Nutman & Bennett, 2019; Webb et al., 2020). Zircon U-Pb ages show that the belt comprises two 
domains with an age difference of ca. 100 Myr: the ca. 3.7 Ga supracrustal belt to the north and the ca. 3.8 Ga 
supracrustal belt to the south (e.g., Crowley, 2003; Crowley et al., 2002; Nutman et al., 2002). These domains 
are separated by a nearly continuously exposed chert/banded iron formation (BIF) sedimentary unit along 
the central length of the belt. This unit has a unique detrital zircon age population with the youngest age 
peak of 3.75 Ga, and it has been termed the “dividing sedimentary unit” (Nutman & Friend, 2009; Nutman 
et al., 2009). To the north and south, the Isua supracrustal belt is in contact with ca. 3.7 Ga or ca. 3.8 Ga 
metatonalite bodies, respectively (Nutman & Friend, 2009). The belt and metatonalites are intruded by the 
following plutonic suites: (1) ca. 3.66–3.57 Ga granite and pegmatite (Figure S2) (Crowley, 2003; Crowley 
et  al.,  2002; Nutman et  al.,  1997, 2007), (2) ca. 3.5–3.2  Ga noritic to doleritic Ameralik dikes (Nutman 
et al., 2004), and (3) ca 2.2 Ga norite dikes (Nutman et al., 2002). The metatonalites are also intruded by ca. 
3.66 Ga meladioritic to tonalitic Inaluk dikes (Crowley et al., 2002; Nutman & Bridgwater, 1986).
Supracrustal rocks of the belt are predominantly metamorphosed basalts, felsic volcanic rocks, chert, 
and BIF, with minor ultramafic rocks and clastic sedimentary rocks (Figure  1) (e.g., Appel et  al.,  1998; 
Fedo, 2000; Nutman et al., 2020; Webb et al., 2020). The supracrustal rocks were originally deposited in a 
marine environment, evidenced by chemical signatures of seawater alteration (e.g., Nutman et al., 2010; 
Polat & Hofmann, 2003), the presence of basalt pillows (Appel et al., 1998; Komiya et al., 1999; Nutman 
et  al.,  2007), and potential stromatolite (Nutman et  al.,  2016, 2019) (cf., Allwood et  al.,  2018; Zawaski 
et al., 2020). Basalts show two chemical associations: one with low Al2O3/TiO2 of ∼10, featuring negative 
Nb-Ta anomalies and flat to slightly downward fractionation trends from left to right in the primitive-man-
tle normalized trace element diagrams; the other with high Al2O3/TiO2 of ∼53–89, showing negative Nb-Ta 
anomalies and slightly upward fractionation trends from left to right in the primitive-mantle normalized 
rare earth element diagrams (e.g., Polat & Hofmann, 2003; Szilas et al., 2015). Based on these geochem-
ical features, the low Al2O3/TiO2 basalts are commonly described as “tholeiitic basalts” (e.g., Nutman & 
Friend, 2009; Polat & Hofmann, 2003) that are generally interpreted to represent melts of a moderately 
depleted mantle source with an addition of crustal components in the source and/or via magmatic assimila-
tion (e.g., Polat & Hofmann, 2003; Smithies et al., 2007), or melts of preexisting high-MgO (>18 wt.%) crust 
(Johnson et al., 2014). The high Al2O3/TiO2 basalts are commonly termed “boninites” or “boninitic basalts” 
(e.g., Nutman & Friend, 2009; Polat & Hofmann, 2003) that were mostly interpreted as melts of a highly 
depleted mantle source with some contamination of crustal-derived materials (e.g., Pearce & Reagan, 2019; 























(Ga) Lithology Mineral assemblagea
Sample locations relative to 
proposed shear zones (1A, 1B, 




samples Qtz Bio Mus Chl Amphi
Fe-
oxides Grt Fsp Others
714-4 3.7 Metafelsic 
volcanics
Qtz+bio+mus+kfs+plg+ilm+car H 20 10 5 <1 65 <1
714-5A 3.7 Garnet-biotite 
amphbolite
Qtz+bio+grt (pre or syn & 
post)+hbl+plg++ilm+chl (retro)+car+apa
2 40 20 5 15 <1 10 5 5
715-5A 3.7 Chert/BIF Qtz+Fe-amphi+mgt L 60 40 <1
715-5C 3.7 Carbonated 
felsic rock
Qtz+bio+mus+kfs+car 5 40 10 20 10 20
715-5F 3.7 Garnet-biotite 
amphibolite
Qtz+bio+grt (syn & post)+chl 
(retro)+car±amphi
5 25 60 5 <1 15 <5
715-7 (bqtz)c 3.75 Chert/BIF Qtz+Fe-amphi+mgt 1B 95 <5 <1
715-7 (sqtz) 3.75 Chert/BIF Qtz+Fe-amphi+mgt 1B 83 15 2




H 40 30 2 <1 2 2 1 15 7
717-2A 3.8 Metatonalite Qtz+bio+ilm+epi+ttn+plg H 25 20 <1 30 15
717-4 3.8 Chert/BIF Qtz+Fe-amphi+mgt H 90 7 3
717-5 3.8 Metafelsic 
volcanics
Qtz+bio+grt (syn) +plg+kfs+mus H 40 20 5 1 30 <5
717-7 3.8 Metafelsic 
volcanics
Qtz+bio+plg+kfs+mus+car H 30 20 10 25 15
718-1 3.7 Garnet-biotite 
amphibolite
Qtz+bio+amphi+grt (post) +plg+epi 3 20 15 50 <1 5 10
720-4 3.7 Chert/BIF Qtz+Fe-amphi+mgt±chl L 70 <1 20 10
721-1A 3.7 Chert/BIF Qtz+Fe-amphi+mgt±chl (retro)+car L 75 <1 10 10 5
721-2A 3.7 Chert/BIF Qtz+Fe-amphi+mgt±chl L 70 5 25 <1
725-2C 3.7 Metafelsic 
volcanics
Qtz+bio+grt (syn)+plg+rut H 25 20 3 50 2
725-4B 3.7 Garnet-biotite 
amphibolite
Qtz+bio+hbl+grt (syn) H 20 20 10 50
725-5B 3.8 Metafelsic 
volcanics
Qtz+bio+plg+car+kfs H 20 15 10 45 10
726-1B 3.7 Metatonalite Qtz+mus+plg+epi H 40 10 50
726-5 3.7 BIF Qtz+mgt+grt (post)+epi+cpx±hbl H 50 <1 15 15 20
726-6A 3.75 Metafelsic 
volcanics
Qtz+bio+ilm+grt (syn)+plg+mus 1B 30 20 5 <1 5 40
Table 1 






















(Ga) Lithology Mineral assemblagea
Sample locations relative to 
proposed shear zones (1A, 1B, 




samples Qtz Bio Mus Chl Amphi
Fe-
oxides Grt Fsp Others
726-8 3.8 Metafelsic 
volcanics
Qtz+bio+ilm+mus+car±amphi H 30 20 10 <1 <1 30 10
729-1A 3.7 Metafelsic 
volcanics
Qtz+bio+ilm+grt (pre or syn)+mus+rut+chl 
(retro)
1A 50 <1 5 5 3 5 30 2
729-4 3.7 Chert/BIF Qtz+Fe-amphi+mgt L 90 10 <1
729-10 3.7 Quartz-bearing 
amphibolite
Qtz+hbl+bio±plg+car+chl (retro) L 20 60 18 2 <1
730-2C 3.7 Chert/BIF Qtz+Fe-amphi+mgt 1A 90 10 <1
730-2F 3.75 Chert/BIF Qtz+Fe-amphi+mgt 1B 80 20 <1
801-1B 3.7 Amphibolite Qtz+hbl+bio+plg+epi (retro) 4 50 15 10 5 20
801-4 3.7 Carbonated 
felsic rock
Qtz+bio+mus+epi+car+plg+kfs L 50 25 10 5 3 7
801-6A 3.7 Chert/BIF Qtz+Fe-amphi+mgt+chl L 75 1 20 5
801-8C 3.7 Metafelsic 
volcanics
Qtz+chl (retro)+plg+mus+rut+grt (pre or syn 
& post)+car±bio
2 30 <1 5 30 <1 10 25
801-9A 3.7 Metafelsic 
volcanics
Qtz+bio+plg+grt (pre or syn) H 10 10 10 <1 60 10
802-5 3.8 Metafelsic 
volcanics
Qtz+bio+mus+kfs±amphi H 45 10 20 <1 20 5
Abbreviation: amphi, amphibole; bio, biotite; car, carbonate; chl, chlorite; cpx, clinopyroxene; epi, epidote; Fe-amphi, Fe-rich amphibole (e.g., grunerite & cummingtonite); Fsp, feldspar; grt, 
garnet; hbl, hornblend; kfs, K-feldspar; ilm, ilmenite; mgt, magnetite; mus, muscovite; plg, plagioclase; pre, pretectonic; post, posttectonic; qtz, quartz; retro, retrograde; rut, rutile; syn, syn-
tectonic; ttn, titanite.
aThe locations of samples are in Figures 8a and 8b. Proposed shear zones are coded (Figures 8a and 8b) (e.g., Appel et al., 1998; Nutman & Friend, 2009) and showed if a sample is from a specific 
shear zone (1A and 1B are proposed terrane boundaries separating zones with different strain histories, 2–5 are proposed major shear zones inside these proposed subterranes). If a sample is 
not from a specific shear zone, the proposed subterrane it belongs to would be showed (L, a proposed subterrane with low strain; H, proposed subterranes with high strain). bMineral modes (%) 
are estimated from petrographic or SEM images. The absolute errors are up to 10%. cSample 715-7 is divided into two parts, one part (bqtz) with mostly >150 μm quartz grains, the other (sqtz) 





matching the modeling results of partial melting of metamorphosed hydrated supracrustal basalts (e.g., 
Nagel et al., 2012; Nutman et al., 2020). Granite and pegmatite are interpreted as crustal melt products of 
tonalites based on their (1) geochemistry, (2) zircon isotope characteristics, and (3) field relationships with 
tonalites (e.g., Crowley et al., 2002; Hiess et al., 2011; Nutman et al., 1996).
Ultramafic rocks occur in the Isua supracrustal belt and in the metatonalite, and have been variously altered 
to chlorite/talc schists or serpentinites (e.g., Dymek et al., 1988b). In few locations, some ultramafic lens-
es preserve characteristics of identifiable primary lithologies (dunite or harzburgite), specifically: ∼10 km 
south of the belt, in the tonalite (Friend et al., 2002; van de Löcht et al., 2018, 2020) and near the eastern 
edge of the western Isua supracrustal belt, in the belt (Friend & Nutman, 2011; Nutman et al., 1996; Szilas 
et al., 2015)]. These ultramafic rocks show chemical associations with the Isua supracrustal basalts (Szilas 
et al., 2015; van de Löcht et al., 2020) or arguably with komatiite (Dymek et al., 1988b) (cf., Szilas et al., 2015). 
Some, but not all, geochemical characteristics of the least altered ultramafic rocks are similar to those of de-
pleted mantle ( Friend & Nutman, 2011; Friend et al., 2002; Szilas et al., 2015; van de Löcht et al., 2018). The 
least altered dunites in the belt show mineralogy of olivine + antigorite ± Ti-humite ± magnesite ± spinel 
(Friend & Nutman, 2011; Nutman et al., 2020), and the olivine crystals appear to have been deformed into 
B-type fabrics (Kaczmarek et al., 2016).
The Isua supracrustal belt has been reported to have experienced two main metamorphic events: (1) 
a lower to upper amphibolite facies metamorphic event before the ca. 3.5–3.2  Ga intrusion of Amer-
alik dikes (Nutman et al., 2004) and (2) an epidote amphibolite facies metamorphic event (<540°C and 
<0.5 GPa, Ramírez-Salazar et al., 2021) during Neoarchean time (e.g., Blichert-Toft & Frei, 2001; Nutman 
& Collerson,  1991; Nutman et  al.,  2013b; Rollinson,  2003). These two events can be differentiated by 
their associated petrological textures: the Neoarchean metamorphic event was static, as evidenced by 
static growth of garnet rims (e.g., Gauthiez-Putallaz et  al.,  2020), whereas the metamorphic minerals 
of the pre-3.5 Ga metamorphic event have been deformed and appear to preserve syn-tectonic textures 
(e.g., Nutman & Friend, 2009; Rollinson, 2002). Although it is widely agreed that there were at least two 
major metamorphic events, it remains unclear whether the pre-3.5 Ga syn-tectonic metamorphism was 
polyphase in nature (e.g., Nutman et al., 2013b; Gauthiez-Putallaz et al., 2020; Rollinson, 2002, 2003) 
or reflects a single prograde event (e.g., Arai et al., 2015; Ramírez-Salazar et al., 2021; Webb et al., 2020) 
that was overprinted by later retrogression and/or lower-grade static metamorphism events. The inferred 
temperature/pressure gradient(s) for this syn-tectonic metamorphism event is also controversial. Some 
authors propose diverse gradients ranging from <250°C/GPa to >1,000°C/GPa (Nutman et  al.,  2020) 
largely based on the mineral assemblages of metamorphosed dunites (Figure 10 of Nutman et al., 2020), 
partially melted amphibolitic enclaves in the north tonalite (Figure 7 of Nutman et al., 2013b), and other 
partially melted rocks located at ∼150 km south of the Isua supracrustal belt (Nutman et al., 2020). In 
contrast, others suggest the observed mineral assemblage and metamorphic textures in rocks from the 
Isua supracrustal belt and tonalites could be viably interpreted as indicating semi-uniform temperature/
pressure gradients across the belt (i.e., ∼800°C–1,000°C/GPa, Ramírez-Salazar et al., 2021). The exist-
ence of a metamorphic gradient across the belt has also been questioned (Arai et  al.,  2015; Nutman 
et al., 2020; Webb et al., 2020). Several metasomatic events have been proposed to occur at ca. 3.74 Ga 
(Frei & Rosing, 2001), ca. 3.63 Ga (Frei et al., 1999) and ca 2.85 Ga (Frei et al., 1999). However, temporal 
constraints of the earliest proposed metasomatic event may be invalid since the ca. 3.74 Ga age is from 
Pb-Pb step-leaching dating of metasomatic minerals in posttectonic veinlets, which conflicts with ca. 
3.7–3.6 Ga deformation and amphibolite-metamorphism (see below) that would have overprinted any 
early metasomatic veinlets.
Most of the Ameralik dikes (ca. 3.5–3.2 Ga) are undeformed and cross-cut lithologic contacts, folds and 
foliations preserved in the Isua supracrustal belt and adjacent metatonalite bodies (Figure 1) (e.g., Nutman 
et al., 2004, 2007; White et al., 2000). However, some Ameralik dikes exposed in the north metatonalite 
near its south margin, the supracrustal belt, and the south metatonalite preserve lineation and foliation 
fabrics that are concordant to those of host rocks (e.g., Figure 5 in White et al., 2000). Nevertheless, some 
deformed dikes (e.g., the relatively larger dikes in the bottom inset of Figure 1, and area B of Figure 1 of 
White et al., 2000) cross-cut the Isua supracrustal belt at high angles. One interpretation is that some of 





effect of potential Meso or Neoarchean deformation within the Isua supracrustal belt remain little explored 
(e.g., Nutman et  al.,  2002). Consequently, here we follow previous observations that such deformation 
was weakly expressed in the already strongly deformed Isua supracrustal belt and adjacent metatonalite 
(e.g., Nutman et al., 2002, 2015a, 2020). Some ca. 3.66–3.61 Ga granite and pegmatite sheets show pre and/
or syn-tectonic textures (e.g., Crowley et  al.,  2002; Nutman et  al.,  2002, 2013b), including a ca. 3.66  Ga 
deformed granite sheet that has been interpreted as a syn-tectonic intrusion within the supracrustal belt 
(Nutman et al., 2009) (Figure S2). Dated post-tectonic granite bodies are limited to two outcrops. One is a 
ca. 3.61 Ga granite inside the south metatonalite, where the granite is only slightly discordant to the local 
gneissic layering (Figure 9 of Nutman et al., 2002). The other is a ca. 3.57 Ga granodiorite within the belt 
(Figure S2) (Nutman et al., 1997). Therefore, the area presented in Figure 1, including the Isua supracrustal 
belt, is generally interpreted as having well-preserved pre-3.5 Ga (potentially pre-3.61 Ga) structural pat-
terns (e.g., Crowley et al., 2002; Nutman et al., 2002, 2020).
The pre-3.5 Ga structures of the Isua supracrustal belt and adjacent metatonalite include (1) well-devel-
oped, steeply dipping foliation fabrics that are parallel to the belt margins and collectively define a fold 
axis parallel to the regional mineral stretching lineation, which parallelism is a characteristic of a-type 
folds; (2) penetrative mineral lineation fabrics plunging steeply to the southeast (Figure S1) (e.g., Bridgwater 
et al., 1974; Crowley, 2003; Crowley et al., 2002; Hanmer & Greene, 2002; James, 1976; Komiya et al., 1999; 
Nutman & Friend, 2009; Nutman et al., 2002; Webb et al., 2020); and (3) folds that have been interpreted 
as 0.1 m to km-scale sheath and curtain folds with fold axes subparallel to stretching lineations (e.g., Han-
mer & Greene, 2002; Webb et al., 2020), including km-scale sheath folds that have bullseye map patterns 
(Figures 1 and S1) (also see Alsop & Holdsworth, 2012 for visualization of sheath folds and associated eye 
patterns). Accordingly, rocks preserved in the belt mostly appear as L-S tectonites (e.g., James, 1976; Webb 
et al., 2020), with minor occurrences of L-tectonites (Figure S1f; also see Figure DR2 of Webb et al. [2020]). 
These structures appear to have developed via intensive shearing and stretching, with up to 90% thinning 
(Fedo, 2000; Furnes et al., 2007; Webb et al., 2020). However, primary structures such as pillow basalts are 
locally recognizable. Some authors interpret this as local preservation in zones of relatively low strain (e.g., 
Appel et al., 1998; Nutman et al., 2007, 2016). Others interpret quasiuniform high strain across the belt, and 
argue the local visibility of primary structures is dependent on outcrop surface orientation and weathering 
characteristics (Webb et al., 2020).
Some workers have posited that in the Isua supracrustal belt there are multiple ∼10-m-scale, pre-3.5 Ga shear 
zones (e.g., Hanmer & Greene, 2002; Komiya et al., 1999; Nutman & Friend, 2009; Nutman et al., 2013a, 
2013b, 2020). These proposed structures are interpreted to juxtapose major features such as the 3.7 and 
3.8 Ga parts of the supracrustal belt, as well as minor features such as two rock units with (a) interpreted age 
differences as small as a few million years and/or (b) interpreted minor metamorphic grade contrasts (see 
tectonic models for examples of proposed shear zones). In contrast, a recent work (Webb et al., 2020) claims 
that discrete shear zones do not exist and are not required to generate the geology of the Isua supracrustal 
belt, as the belt is interpreted to preserve quasi-uniformly distributed strain and similarly quasi-uniform 
pre-3.5 Ga metamorphic conditions. Furthermore, the existing geochronological constraints for the suprac-
rustal rocks are sparsely distributed and too weak to confidently resolve Eoarchean age distinctions on the 
order of ≤30 Myr (Webb et al., 2020).
Finally, the northmost exposure of the northern metatonalite exhibits gently inclined stretching lineations 
that plunge to the north. This part of the metatonalite has been interpreted to preserve structural fabrics 
that are older than the pre3.5 Ga structures observed in the Isua supracrustal belt (e.g., Crowley et al., 2002). 
Future investigations may reveal whether this area preserves an earlier fabric and/or different deformation 
styles developed during the same event(s) that has deformed the Isua supracrustal belt.
2.2. Tectonic Models
Several tectonic models have been invoked to explain the geology of the Isua supracrustal belt (e.g., 
James, 1976; Keto & Kurki, 1967; Komiya et al., 1999; Nutman et al., 2020). In our description of these 
models, we use tectonic model terminology (e.g., “plate tectonics,” “heat-pipe tectonics,” etc.) following the 
classification scheme of Lenardic (2018).
Tectonics
The earliest proposed model for the structural development of the Eoarchean Isua supracrustal belt involves 
an early quasi-homogenous deformation event related to uplift of the north metatonalite. The deforma-
tion is defined by series of isoclinal folds with axial traces that parallel the strike of the belt, which were 
deformed by a subsequent east-west-oriented shortening event that generated the belt’s current shape (all 
cardinal directions are considered in current coordinates) (Keto & Kurki, 1967). The predictions for this ear-
liest proposed model are similar to those of a later model in which the Eoarchean Isua supracrustal belt was 
deformed via top-to-southeast shearing during uplift of the northern tonalite, followed by top-east-north-
east horizontal shearing and the development of (1) a km-scale fold with a north-northeast-trending axial 
trace that folded the belt into its current geometry; and (2) ∼1–10 m-scale minor folds (Z-, S- and M-folds) 
that form the limbs of the km-scale fold (Figure 2a) (James, 1976).
More recently, geochemical, petrological and structural patterns of the Isua metatonalite and supracrustal 
rocks have been interpreted as indicating early subduction processes in plate tectonic settings (Figures 
2b and 2c) (e.g., Arai et al., 2015; Hoffmann et al., 2014; Komiya et al., 1999; Nagel et al., 2012; Nutman 
et al., 2013a, 2015a, 2020; Polat & Hofmann, 2003; Polat et al., 2011). Two plate tectonic models have been 
proposed (Figures 2b and 2c) (e.g., Komiya et  al.,  1999; Nutman & Friend,  2009), which are described 
below.
In one plate tectonic model, the Isua supracrustal belt represents an accretionary prism with different pan-
els of rocks separated by hundreds of subparallel, north-directed discrete thrusts that developed during 
southward subduction (e.g., Arai et al., 2015; Komiya et al., 1999) (Figure 2b). Subsequent exhumation of 
the metamorphosed accretionary prism via wedge extrusion is thought to have been accommodated by 
top-to-south and top-to-north south-dipping fault systems at the respective southern and northern margins 
of the belt (Arai et al., 2015). Proposed final emplacement of the variably metamorphosed wedge would 
have created a prograde metamorphic gradient across the present-day northeastern area of the belt: from 
greenschist facies at the northeast end of the belt to upper amphibolite facies to the southwest across a 4 km 
distance. Within the 4 km-long area, four zones of contrasting metamorphic facies are proposed to be sepa-
rated by three discrete northwest-striking thrust faults with a top-to-the-southwest transport direction (Arai 
et al., 2015). The remainder of the belt farther west records upper amphibolite facies conditions.
The second plate tectonic model describes the Isua supracrustal belt as preserving two arc complexes that 
collided along a ca. 3.7–3.66 Ga, northward-dipping suture zone. During the proposed collision, the “divid-
ing sedimentary unit” served as the top-to-south suture between the arc complexes (Figure 2c) (e.g., Nut-
man & Friend, 2009; Nutman et al., 2015a). Several collisional environments have been applied to explain 
the interpreted >3.66 Ga protolith origins and metamorphic facies of the supracrustal rocks and tonalites 
(e.g., Nutman et al., 2020). First, the formation of the metatonalite protoliths, two types of basalt, and the 
depleted mantle peridotites bearing B-type olivine fabrics and Ti-humite has been associated with slab flux-
ing and partial melting in low-temperature, high to ultrahigh-pressure environments (including subducting 
slab and mantle wedge settings) (e.g., Nagel et al.,  2012; Nutman et al.,  2020; Polat & Hofmann, 2003). 
Second, the intrusion of tonalites in the crust has been proposed to have caused interpreted high-tem-
perature, low-pressure metamorphism (Friend & Nutman, 2005; Nutman et al., 2020). Third, interpreted 
amphibolite-granulite metamorphism within the Isua supracrustal belt and tonalite was related to crustal 
imbrication during the proposed collision (e.g., Nutman et al., 2013b, 2020). This plate tectonic model also 
involves shortening within each arc-complex to explain the presence of folds and the juxtaposition of rocks 
and/or hypothesized subterranes via 10-m-scale, top-to-south shear zones (e.g., Appel et al., 1998; Hanmer 
& Greene, 2002; Nutman & Friend, 2009; Nutman et al., 2007, 2013a, 2020). Several features have been 
interpreted to reflect this shortening strain. One example is a postulated subterrane in the northeastern 
portion of the belt that preserves lower strain (and hence some recognizable primary structures) and is sep-
arated by faults from other subterranes preserving seemingly higher strain (e.g., Appel et al., 1998; Nutman 
et al., 2016). In addition, the bullseye map patterns (Figures 1 and S1b) have been proposed to represent 
folding of thrust-intercalated rock panels with older-over-younger age distinctions of ∼26 Myr (Nutman 
et al., 2016, 2020). The proposed collision is thought to be followed by ca. 3.66–3.61 Ga orogenic collapse 
and core complex formation via top-to-south extensional faulting (Nutman et al., 2013b). Several features 
have been interpreted to reflect the proposed core complex formation and associated extensional deforma-
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Index Point Girdle Random
Samples featuring significant quartz aggregates/bands and ≥30% EBSD quartz modes (Figure S4)
714-4 3.7 117 60 161 51 H Top-to-
NW
Mixed Prism <a> 1.38 0.02 0.05 0.13 0.82
714-5A 3.7 125 72 155 63 2 Coaxial Mixed Prism <a> 1.39 0.01 0.12 0.05 0.83
715-5A 3.7 080 57 120 53 L Top-to-
SE
Prism <a> Prism <a> 2.95 0.03 0.10 0.16 0.74
715-5C 3.7 090 67 148 55 5 Coaxial Mixed Prism <a> 1.48 0.01 0.07 0.08 0.85
715-5F 3.7 090 67 148 55 5 Coaxial Prism <a> Prism <a> 1.40 0.01 0.03 0.12 0.85
715-7 (bqtz)c 3.75 150d 85 150 72 1B Top-to-
NW
Prism <a> Prism <a> 2.95 0.09 0.32 0.13 0.55
715-7 (sqtz) 3.75 150 85 150 72 1B Top-to-
NW
Prism <c> Prism <a> 1.56 0.02 0.15 0.10 0.75
715-9 3.8 134 78 120 70 H Top-to-
SE
Prism <a> Prism <a> 1.20 0.01 0.08 0.03 0.89
717-4 3.8 145 71 095 67 H Top-to-
NW
Prism<a> Prism <a> 3.23 0.18 0.46 0.14 0.40
717-7 3.8 130 50 145 54 H Top-to-
SE
Mixed Prism <a> 1.40 0.02 0.05 0.24 0.71
718-1 3.7 082 58 147 52 3 Top-to-
SE
Prism <c> Prism <a> 1.24 0.01 0.03 0.05 0.92
720-4 3.7 054 90 122 88 L Top-to-
NW
Prism <c> Prism <a> 1.27 0.01 0.08 0.01 0.91
721-1A 3.7 064 73 067 50 L Top-to-
SW
Basal <a> Prism <a> 1.52 0.03 0.16 0.11 0.73
721-2A 3.7 068 79 152 50 L Top-to-
NW
Basal <a> Prism <a> 1.56 0.03 0.03 0.38 0.59
725-2C 3.7 172 60 147 72 H Top-to-
SE
Prism <a> Prism <a> 2.04 0.07 0.14 0.44 0.41
725-4B 3.7 183 80 200 78 H Top-to-
NW
Prism <a> Prism <a> 2.86 0.09 0.28 0.33 0.39
726-1B 3.7 155 50 171 48 H Top-to-
NW
Prism <c> Prism <a> 2.74 0.03 0.23 0.04 0.73
726-5 3.7 155 74 220 60 H Coaxial Basal <a> Prism <a> 2.00 0.05 0.24 0.11 0.65
726-8 3.8 140 65 125 63 H Top-to-
SE
Mixed Prism <a> 1.21 0.01 0.03 0.18 0.80
729-1A 3.7 057 47 054 80 1A Top-to-
NE
Prism <a> Prism <a> 1.35 0.01 0.07 0.12 0.81
729-4 3.7 128 70 186 80 L Top-
to-N
Basal <a> Prism <a> 1.79 0.03 0.17 0.15 0.68
730-2C 3.7 111 73 100 71 1A Top-to-
NW
Mixed Prism <a> 3.26 0.13 0.17 0.63 0.20
Table 2 
Summary of Structural Data
Tectonics
metatonalite (Nutman,  1986), granite and pegmatite intrusions, sigmoidal structures, and rock textures 
interpreted to record cataclasis (Nutman et al., 2013b).
Recent and current research focusing on field evidence and reappraisal of published petrology, structural, 
and geochronology data (Webb et al., 2020), metamorphism (Ramírez-Salazar et al., 2021), and the pro-
tolith(s) of ultramafic rocks (Szilas et al., 2015) posit that the arguments in support of multiphase crus-
tal imbrication, orogenic collapse, wedge extrusion and development of a metamorphic gradient, and the 
petrogenesis of the basalts, peridotites, and tonalites in subduction settings are overinterpretations and 
do not necessarily require plate tectonic settings. First, the generation of the two types of basalts and the 
tonalite protoliths is possible in nonplate tectonic settings that feature extensive melting and recycling of 
deeply buried hydrous basalts (see next paragraph, also [Johnson et al., 2017; Pearce & Reagan, 2019; Smith-
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Index Point Girdle Random
730-2F 3.75 111 73 100 71 1B Top-to-
NW
Mixed Prism <a> 1.90 0.02 0.09 0.14 0.77
801-1B 3.7 115 65 114 65 4 Top-to-
SE
Prism <c> Mixed <a> 1.56 0.01 0.07 0.09 0.84
802-5 3.8 139 71 160 71 H Top-to-
NW
Prism <c> Prism <a> 1.26 0.01 0.10 0.03 0.87
Samples featuring isolated quartz grains and less than 20% EBSD quartz modes (Figure S4)
717-2A 3.8 148 72 166 65 H Top-to-
SE
Mixed Prism <c> 1.43 0.01 0.04 0.11 0.85
717-5 3.8 124 57 118 55 H Coaxial Prism <a> Prism <a> 1.73 0.03 0.12 0.21 0.67
801-4 3.7 106 50 145 59 L Coaxial Prism <c> Prism <c> 1.80 0.03 0.12 0.22 0.66
801-8C 3.7 093 51 119 70 2 Top-to-
SE
Prism <a> Mixed <a> 1.72 0.02 0.09 0.16 0.75
801-9A 3.7 085 56 137 47 H Top-to-
NW
Prism <a> Prism <a> 1.39 0.02 0.08 0.19 0.73
Samples whose quartz grains cannot be reconstructed due to poor raw data quality (Figure S4)
725-5B 3.8 177 75 201 62 H Top-to-
SW
Prism <c> Mixed <a>+<c> 1.57 0.02 0.09 0.23 0.68
726-6A 3.75 161 75 186 74 1B Top-to-S Prism <a> Mixed <a> 1.59 0.03 0.11 0.21 0.68
729-10 3.7 075 76 130 76 L Top-to-
SE
Prism <c> Prism <a> 2.06 0.05 0.19 0.21 0.59
801-6A 3.7 166 80 102 80 L Coaxial Prism <c> Basal <a> 2.00 0.06 0.20 0.24 0.56
aThe locations of samples are in Figures 8a and 8b. Proposed shear zones are coded (Figures 8a and 8b) (e.g., Appel et al., 1998; Nutman & Friend, 2009) and 
showed if a sample is from a specific shear zone (1A and 1B are proposed terrane boundaries separating zones with different strain histories, 2–5 are proposed 
major shear zones inside these proposed subterranes). If a sample is not from a specific shear zone, the proposed subterrane it belongs to would be showed (L: 
a proposed subterrane with low strain; H: proposed subterranes with high strain). bTexture indexes indicate the CPO strength and styles (Bunge, 2013; Skemer 
et al., 2005; Ulrich & Mainprice, 2005). J <c> denotes J-index of quartz c-axis. cSample 715-7 is divided into two parts, one part (bqtz) with mostly >150 μm 
quartz grains, the other (sqtz) with mostly ∼10–100 μm quartz grains (see Figure 7 for an illustration). dUnderlined measurements are estimated (see Methods). 
Samples with underlined IDs are those who show high (>80%) quartz modes in the EBSD scanned areas (Figure S4).
Tectonics
Ti-humite and magnesite (Dymek et  al.,  1988a) may not be discriminating features of subduction zone 
conditions, as they may be consistent with amphibolite-grade crustal cumulates (Dymek et al., 1988a; Szilas 
et al., 2015; Yao et al., 2019). Therefore, existing and new petrological information of the Isua supracrustal 
rocks can be interpreted as preserving quasi-uniform, pre-3.5 Ga amphibolite metamorphism with increas-
ing metasomatic effects toward the northeastern part of the supracrustal belt (Ramírez-Salazar et al., 2021; 
Webb et  al.,  2020). Furthermore, field observations show that the belt can be interpreted as preserving 




Figure 2. Proposed tectonic models for the Eoarchean Isua supracrustal belt. (a) Uplift of the 3.7 Ga metatonalite 
and shearing of the Isua supracrustal belt via two major shear zones in an unspecified tectonic setting, followed by 
horizontal shearing and folding (modified from James [1976]). (b) Development of an accretionary prism (modified 
from Komiya et al. (1999)] during southward subduction (in current coordinates, same for below). This model predicts 
duplex development via discrete, top-to-north shear zones. Later wedge extrusion of the metamorphosed accretionary 
prism along two major faults was proposed by Arai et al. (2015). (c) Collision of two arc complexes during a northward 
subduction event [modified from Nutman and Friend (2009)]. This model predicts discrete top-to-south shear zones 
(faults) juxtaposing rocks of contrasting ages, metamorphic facies and/or strain. (d) A-type (sheath and curtain) folding 







proposed age distinctions among rocks of either 3.7 or 3.8 Ga age (e.g., Friend & Nutman, 2010; Nutman 
et al., 2020) cannot be confidently recognized with the resolution of existing geochronology data, so faults 
inferred on the basis of different interpreted ages represent nonunique interpretations (Webb et al., 2020).
In light of these uncertainties in plate tectonic interpretations, recent work interprets that the Isua supra-
crustal belt is a fragment of a heat-pipe lithosphere that was deformed during a ca. 3.66–3.61 Ga contrac-
tional deformation event (Figure 2d) (e.g., Webb et al., 2020). Heat-pipe tectonics features planetary cooling 
dominated by mafic volcanism, which creates a thick, cold, and strong lithosphere as surface volcanic rocks 
are progressively buried by continuing deposition of volcanic materials (Moore & Webb, 2013) (To clear 
up a common misconception, heat pipes themselves are not equivalent to plumes: plumes are thought to 
span the height of the mantle, whereas heat pipes are simply volcanic conduits through the lithosphere). In 
the application of this model, the Isua supracrustal belt is interpreted to represent deposition of ca. 3.8 Ga 
volcano-sedimentary rocks, followed by a similar ca. 3.7 Ga event. Each eruptive cycle buried preexisting 




Figure 3. Examples of quartz CPO pole figure patterns and inverse pole figure patterns of misorientation axes, and 
their associated quartz slip systems and/or deformation conditions. (a) Dominant quartz slip systems as a function 
of deformation temperatures, constrained by naturally deformed quartz veins (Stipp et al., 2002). However, several 
factors were found to allow dominant <a> slip to dominant <c> slip transition to occur at lower temperatures (e.g., 
Hippertt, 1994; Kilian et al., 2011; Okudaira et al., 1995; Tullis et al., 1973). (b) Representative c-axis and a-axis pole 
figure patterns (modified from Barth et al. [2010]) of top-right or coaxial shear. The asymmetry of CPO pole maximums 
relative to the reference frame (i.e., X and Z) can indicate the shear sense. Each quartz slip system or shear style has a 
shortened code-name presented in the quotation marks, which is also presented on the left of each set of pole figures. 
These codes are provided here and in Figures 5–7 to better support reader interpretation of quartz CPO patterns. 
(c) Misorientation axes of low angle grain boundaries and their associated quartz slip systems, plotted with crystal 





low Al2O3/TiO2 basaltic melts of high-MgO (>18 wt.%) crust at depth. Recycling of hydrous supracrustal 
belt material (and their melt residues) could have produced similar characteristics compared to subduction, 
including enrichment of various depleted mantle components. Both low and high Al2O3/TiO2 basaltic melts 
can be generated with such variously depleted mantle sources. The tonalitic melts rose to roughly similar 
crustal levels, becoming the protoliths of the ca. 3.8 Ga and ca. 3.7 Ga metatonalite bodies. A subsequent 
ca. 3.66–3.61 Ga tectono-metamorphic event is speculated to represent contraction in response to either 
radial subsidence of heat-pipe lithosphere (i.e., downwards advection of spherical lithosphere forces it into 
progressively smaller areas) (e.g., Bland & McKinnon, 2016), or a plate-breaking event that signifies the 
transition to a plate tectonic cooling regime (e.g., Beall et al., 2018). During this proposed event, the entire 
belt was sheared, thinned, and stretched under amphibolite facies conditions, whereby strain was distribut-
ed quasi-uniformly and 0.1-m to km-scale curtain and sheath folds developed across the belt. Sheath folds 
can preserve two opposing shear senses on opposing limbs (Alsop & Holdsworth, 2012; Webb et al., 2020). 
Finally, later metasomatism is proposed to be responsible for the apparent metamorphic gradient (e.g., Arai 
et al., 2015) at the northeasternmost portion of the supracrustal belt (Ramírez-Salazar et al., 2021; Webb 
et al., 2020).
Major differences among these proposed tectonic models include predictions of the shear senses and strain 
distribution across the Isua supracrustal belt. Plate tectonic models predict strain localization in 10 m-scale 
shear zones that preserve dominantly unidirectional shear senses in accordance with the subduction ver-
gences, possibly with reversal of shear sense in few structurally high shear zones during late-stage exhu-
mation. In contrast, the heat-pipe model predicts distributed strain with two opposing shear senses located 
along the limbs of 0.1-m to km-scale sheath folds, such that strain magnitude is relatively uniform and 
opposing shear sense indicators are quasi-randomly distributed across the belt. In this study, the results 
of our thin-section and EBSD micro-tectonic analyses are compared with these predictions to test models.
3. Methods
For each sample collected in the field, foliation and lineation orientations were measured using a compass 
clinometer directly on the sample, or were estimated from measurements sighted at up to ∼2.5 m away from 
the sample in cases of strongly magnetic outcrops (Table 2). Samples were collected from outcrops which 
show clear foliation and lineation to ensure preservation of significant plane strain components (which is 
necessary for some structural analyses used in this work). We selected 33 samples across the eastern Isua 
supracrustal belt. Twelve samples were collected from shear zones proposed in the literature (e.g., Appel 
et al., 1998; Nutman & Friend, 2009). Fourteen samples are from proposed high strain subterranes, whereas 
eight samples are from an area proposed to be a low strain subterrane (Tables 1 and 2; Figures 8a, 8b, and 
S2b) (e.g., Appel et al., 1998; Nutman & Friend, 2009). Samples were cut, polished, and made into XZ-plane 
thin sections, where the “X” denotes the down plunge direction of lineation, and “Z” denotes the pole to 
the foliation pointing upwards. Because all the sample names start with “JZ17,” for the sake of simplicity, 
we shortened these labels in this text (e.g., the full name of sample 714-4 in this study is JZ17714-4). Most 
sample names in this study are collected as a matching set to the samples of our accompanying study 
(Ramírez-Salazar et al., 2021), but there are a few distinctions, as explained in the supporting information. 
Photomicrographs were taken using a Leica petrographic microscope (for small-area plane-polarized light 
and cross-polarized light images) and a film scanner (for thin-section size plane-polarized light images) 
at the University of Hong Kong. Scanning electron microscope (SEM) images were taken with a Tescan 
VEGA3 XM SEM at the University of Leeds. Mineral modes are estimated from the SEM and thin section 
images (Table 1). We scanned the thin sections at an accelerating voltage of 20 kV and working distances of 
∼15 mm using an LEO 1530 scanning electron microprobe equipped with an EBSD detector. The scan areas 
are selected across quasi-homogeneous, multiphase assemblages or quartz-rich domains/veins. Deformed 
fabrics in these areas appear to be uniform and parallel to the lineation directions (Figure S4). The step 
sizes were generally ∼5–10 μm to allow for the smallest visible quartz grains in thin sections to have at least 
four indexed pixels. We eliminated grains smaller than four pixels in the EBSD data and interpret them as 
analytical noise or polishing defects. Points with mean angular deviations larger than 1° were discarded 
to avoid erroneous indexing. We used the HKL Channel 5 software and the free tool MTEX (Bachmann 










map generation (e.g., Figure S4), plotting of pole figures of crystallographic axes (one point per grain, lower 
hemisphere, and equal area) (Figure 5), plotting of inverse pole figures of misorientation axes of subgrain 
boundaries, and calculation of the texture indexes (see below).
Quartz grains were reconstructed from indexed EBSD data (Figure S4). Grain boundaries were defined by 
≥10° misorientation. Subgrain boundaries were defined by 2°–10° misorientation. Dauphiné twin bound-
aries were recognized by 60° rotation around the c-axis. We overlaid the quartz grain maps on respective 
band contrast maps to check the quality of grain reconstruction. The grain reconstruction results were 
accepted if (1) the reconstructed grains match the band contrast maps, (2) there were at least 200 grains 
identified, and (3) no artificial grains were generated by data smoothing processes. For the reconstructed 
quartz grains, we used their areas to calculate their equivalent diameters  2 area / . Grains cut by the 
boundaries of scanning areas are excluded from the area calculation, as the true areas of these grains cannot 
be obtained. We then generated the number-weighted and volume-weighted histograms of diameters, and 
respective number-weighted mean and volume-weighted mean of diameters for each sample (Figure S5).
Acquired quartz CPO statistics can reflect strain information such as shear sense and/or deformation tem-
peratures (Figure 3) (Law, 2014). The asymmetry of the c-axis or a-axis skeleton with respect to the reference 
frames (X & Z directions) can be used to determine the sense of shear and estimate the kinematic vorticity 
(Law, 1990). The quantitative kinematic vorticity number can only be estimated assuming homogeneous 
and steady-state flow. However, the deformation paths of the Isua supracrustal rocks could have been com-
plicated by overprinting due to multiple stages of tectonism (see above, Figure 2) (a la Price, 1972). There-
fore, the kinematic vorticity estimation can only be qualitative (i.e., noncoaxial vs. coaxial) (e.g., Law, 1990; 
Xypolias & Koukouvelas, 2001).
The CPO statistics can be (semi-)quantitatively represented by texture indexes such as the J-index 
(Bunge, 2013), M-index (Skemer et al., 2005) or point (P), girdle (G), and random (R) values (Vollmer, 1990; 
Woodcock, 1977). J-index reflects the strength of the CPO pattern of a specific crystallographic axis in a 
pole figure. A completely random distribution of CPO would yield a J-index of 1, whereas a purely uniform 
CPO (for example, only one defect-free grain is plotted) would yield an infinite J-index. A similar index is 
the M-index, which is calculated from CPO statistics from multiple axes. M = 0 denotes a totally random 
CPO, whereas M = 1 denotes a purely uniform CPO. R-values of the P, G, and R systems could also reflect 
CPO strength, where R = 1 denotes a lack of CPO and a smaller R-value indicates a stronger CPO. The P- 
and R-values can indicate the constriction, flattening, or plane strain components in general shear when 
R-value is low (see Barth et al., 2010 for a review). Higher J-index, M-index or lower R-values derived from 
quartz fabrics can generally reflect higher strain intensity assuming the deformation is mostly absorbed by 
quartz (e.g., Heilbronner & Tullis, 2006). In contrast, in polyphase rocks, low J-index, M-index or higher 
R-values are expected because some strain could concentrate on other phases rather than quartz (e.g., Cross 
et al., 2017; Little et al., 2015). However, subgrain boundary characteristics and textural index data may still 
be used for slip system analysis and strain intensity analysis.
Symmetry versus asymmetry seen in pole figures is used to identify deformation types in terms of coaxial 
and noncoaxial deformation, respectively. If the pattern is asymmetric, shear sense can be derived (Fig-




Figure 4. Representative photomicrographs of major petrologies and microstructures of samples from the Isua supracrustal belt. (a) An amphibolite with a 
two-phase garnet crystal: a pre-tectonic core (highlighted by randomly oriented biotites) and a posttectonic rim. (b) A metachert/BIF showing recrystallized 
quartz and foliated, needle-like Fe-rich amphiboles. (c) A carbonated felsic rock showing post-tectonic growth of garnet as indicated by the lack of folding in 
surrounding matrix (i and iii). Post-tectonic metasomatism/metamorphism may have also led to the growth of muscovite and epidote that cross-cut the earlier 
foliation (ii and iii). The (c) iii image is generated by a free tool XMapTools (Lanari et al., 2014), which shows an aluminum intensity map obtained by energy-
dispersive X-ray spectroscopy (EDS). Typical post-tectonic minerals are highlighted. (d) A back-rotated elongated garnet (ii) (a la Ghosh & Ramberg, 1976) 
generated during top-to-southeast shear. Inset (i) is a backscatter electron image showing curved inclusion trails due to the rotation. An annotated thin section 
image (iii) highlights the elongated shape of this garnet grain, the curved inclusion trails, and the deformed mica traces in matrix. (e) A rotated syn-tectonic 
garnet grain (i) and S-C fabrics (iii) indicate top-to-southeast shear sense. An annotated thin section image (ii) highlights the shape of this garnet grain, 
inclusion trails, and folded mica traces in the matrix. (f) Pressure shadows of garnet grains showing top-to-southeast shear sense. (g) Recrystallized plagioclase 
sigma due to top-to-southeast shearing (left: plane-polarized light; right: cross-polarized light of the same area). (h) Shear band boudins (highlighted in ii) in a 
metachert/BIF sample (i) showing top-to-northwest shear sense. (i) Relict Fe-amphiboles mineral fishes (highlighted in ii) formed in a metachert/BIF sample 
due to top-to-northwest shearing. Abbreviations: bio, biotite; car, carbonates; Fe-amphi, Fe-amphiboles such as grunerite; ilm, ilmenite; mus, muscovite; plg, 















Figure 5. Quartz CPO c-axis and a-axis pole figures of samples from the Isua supracrustal belt. Data are grouped by dominant quartz slip systems interpreted 
from the pole figures. In each group, the samples are ordered alphabetically. Text provides sample names, sample deposition/crystallization ages, and 
interpreted shear senses from the pole figures. The styles of sample names (as explained in legend) reflect their positions relative to proposed subterranes 
and shear zones (e.g., Appel et al., 1998; Nutman & Friend, 2009) as well as their indexed quartz modes. Slip systems interpreted from CPOs of samples with 
isolated quartz grains and/or ≤20% indexed quartz modes can be unreliable because this approach was built on studies focusing on quartz aggregates (e.g., Stipp 
et al., 2002). On the left of each set of pole figures, the interpretive code for this quartz CPO pattern (as shown in Figure 3) is provided.
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terns shown on pole figures (Figure 3b). Slip system activation has been proposed to be mainly tempera-
ture-dependent. Based on naturally deformed quartz-rich rocks (e.g., quartzites), Kruhl (1998) and Stipp 
et  al.  (2002) summarize that quartz would dominantly deform via basal <a>, rhomb <a>, prism <a> 
or prism <c> slip systems at ∼300°C–400°C, ∼400°C–500°C, ∼500°C–650°C or >650°C, respectively (Fig-
ure 3a). However, many studies suggest that other factors would change these thresholds (Figure 3a) (see 
Law, 2014 for a review). Specifically, water weakening has been reported to enable prism <c> slip at temper-
atures as low as ∼550°C–600°C (e.g., Garbutt & Teyssier, 1991; Okudaira et al., 1995). Similarly, grain size 
reduction in lower-amphibolite facies shear zones was found to promote the c-axis CPO maximum closer to 
the X-direction (i.e., prism <c> style) (Kilian et al., 2011). Finally, a low strain rate would reduce the tem-
perature required for transitioning to prism <c> dominance (Blacic, 1975; Kruhl, 1998; Tullis et al., 1973).
The dominant slip system activated in quartz can also be constrained via the misorientation axes of sub-
grain boundaries of quartz grains (e.g., Lloyd et al., 1997; Neumann, 2000). During deformation and re-
covery, intracrystalline dislocations that accommodate slip may evolve to form subgrain boundaries (e.g., 
Borthwick & Piazolo, 2010) and eventually grain boundaries (with relatively higher misorientation) (e.g., 











between two associated crystallites, with the misorientation axis being corresponding to the rotation axis 
of the activated slip system (some dispersions are possible, e.g., Lloyd et al., 1997; Neumann, 2000). There-
fore, with an inverse pole figure (Figure 3c), a large data set (>100 is generally acceptable; Prior, 1999) of 
misorientation axes of subgrain boundaries in a sample can limit the dominant slip systems that formed the 
subgrain boundaries.
4. Results
Our samples comprise five lithologies: (1) quartz-bearing amphibolite, (2) garnet-biotite amphibolite, (3) 
felsic metavolcanic rocks, (4) metachert/BIF, and (5) metatonalites (Table  1; Figure  4). Their petrology 
and mineral assemblages are consistent with previous studies (e.g., Arai et al., 2015; Komiya et al., 2002; 
Myers,  2001; Nutman et  al.,  1996, 2002). Quartz-bearing amphibolites generally contain (in decreasing 
modal percentages) amphibole, plagioclase, quartz, and biotite. Garnet-biotite amphibolite generally has 
biotite, quartz, plagioclase, amphibole, and garnet. Felsic metavolcanic rocks usually have quartz, biotite, 
plagioclase, K-feldspar, and muscovite. Metachert/BIF samples have quartz, Fe-amphiboles (e.g., cumming-
tonite or grunerite), and Fe-oxides (e.g., magnetite or hematite) (Figure 4b), with total modes of Fe-oxides 
and phyllosilicates, such as mica or amphiboles from ∼5% to ∼80% (Table 1). Metatonalites have quartz, 
feldspar, epidote, and muscovite. In all rocks, most of the phyllosilicate minerals (e.g., mica and amphibole) 
are aligned with foliations, sometimes forming interconnected bands (Figures 4 and S4). Chlorite, epidote, 
and muscovite occur in some samples (Table  1) as retrograde phases that overprint or cross-cut earlier 
minerals (Figures 4a, 4c, 4f, and 4g). Garnets occur in some samples (Table 1) with pre/syn-tectonic cores 
surrounded by deformed phyllosilicate minerals (Figures  4a and 4d–4f). Post-tectonic growth of garnet 
occasionally can be identified as overgrowth rims that cross-cut earlier foliations (Rollinson, 2002, 2003). 
In two samples (718-1 and 801-4), all garnet grains appear to be post-tectonic (Figure 4c). These post-tec-
tonic garnets appear to overprint or overgrow the earlier quartz fabrics. Quartz grains in all samples have 
experienced dynamic recrystallization resulting in sutured grain boundaries when in contact with other 
quartz grains (Figures 4a, 4b, and 4h–4i) as well as drag and window textures associated with presence of 
phyllosilicate minerals (Figures 4a–4c and 4h–4i).
The quartz grains of four (725-5B, 726-6A, 729-10 and 801-6A, Table 2) out of 33 samples cannot be success-
fully reconstructed with the EBSD data due to relatively low degrees of indexing for a significant number of 
quartz grains (Figure S4). Accordingly, their quartz textures will not be discussed here. Nonetheless, their 
microscopic observations (i.e., lithologies and shear sense indicators in thin sections) are still valid and are 
used in this contribution.
Quartz grains in the remaining 29 samples feature either equant, polygonal shapes with straight bounda-
ries (e.g., 714-4, 715-5C, 721-1A, 721-2A), or elongated, lobate, ameboid- or finger-shapes with elongation 
directions being subparallel to foliations (e.g., 714-5A, 718-1, 715-7sqtz, 720-4, 726-1, 726-5, 802-5), or large, 
ameboid shapes with irregular sutured boundaries (e.g., 715-5A, 715-7bqtz, 725-4B, 730-2C) (Figure S4). 
Most quartz grains in these samples yield ≤200 μm equivalent diameters. Some samples (715-5A, 715-7bqtz, 
717-4, 718-1, 721-2A, 725-4B, 726-1, 729-4) preserve quartz grains that have ∼200–500 μm equivalent diam-
eters. There are also samples (715-5C, 715-9, 726-8, and 801-1B) that are dominated by quartz grains that 
show ≤50 μm equivalent diameters, such that their number-weighted mean and volume-weighted mean 
diameters are all less than 51 μm (Figures S4 and S5). In five samples (717-2A, 717-5, 801-4, 801-8C, and 
801-9A), quartz grains are mostly isolated, that is, surrounded by other phases, and the modes of indexed 
quartz are less to 20% (Figure S4). In the other 24 samples, quartz grains form aggregates or bands, and the 
modes of indexed quartz are larger than or equal to 30% (Table 2).
Six samples show identifiable shear sense indicators in thin sections, such as rotated garnets (725-2C, 726-
6A, Figures 4d and 4e), C-S fabrics (725-2C, Figure 4d), asymmetric pressure shadows (801-8C, Figure 4f), 
feldspar sigma clasts (729-1A, Figure 4g), shearband boudins (717-4, Figure 4h), and mineral fishes (730-2F, 
Figure 4i). These shear sense indicators show either top-to-southeast (725-2C, 726-6A, 801-8C, and 729-1A) 
or top-to-northwest (717-4, 730-2F) shear senses. Quartz CPO pole figures from the twenty-four quartz-rich 
samples (i.e., with ≥30% indexed quartz modes and/or quartz bands/aggregates) show dominantly top-to-





shear directions, that is, top-to-north (1 sample), top-to-northeast (1 sample), or top-to-southwest (1 sample) 
shear senses. Four samples show coaxial strain (Table 2; Figure 5). Quartz CPO pole figures for five quartz-
poor samples (i.e., with ≤20% indexed quartz modes and/or isolated quartz grains) also show a range of shear 
senses, including top-to-southeast (2 samples), top-to-northwest (1 sample) shear, and coaxial strain (2 sam-
ples). Samples with thin section shear indicators show consistent EBSD results (Figures 4d–4i, and 5). The 
shear senses appear to have no systematic relationship with rock ages, dominant quartz slip systems, or their 
relative locations with respect to the proposed shear zones (Table 2; Figures 8 and 9d–9e). Specifically, shear 
senses of samples from the same proposed shear zone could be different. For example, the “dividing sedimen-
tary unit” (shear zone “1B” in Figures 8a and 8b) samples 715-7 and 730-2F both show top-to-northwest shear 
sense, whereas sample 726-6A from the same unit shows top-to-southeast shear sense (Figure 4e).
In quartz CPO pole figures (Figure 5), the majority of the quartz-rich samples show activation of quartz 
prism <a> or prism <c> (13 samples) slip systems, with some of them showing mixed slip (7 samples) or 
basal <a> slip (4 samples). Note that in samples featuring mixed slip patterns, prism <a> or prism <c> 
slip could still be major components (Figure 5). The five quartz-poor samples show a dominance of prism 
<a> (3 samples) and prism <c> slip (1 sample), with one sample showing mixed slip (Figure 5; Table 2). 
We note that three out of four samples showing basal <a> slip are located near the northeastern end of the 
belt, which may have experienced lower metamorphic conditions (Arai et al., 2015) or higher metasomatic 
activities (Ramírez-Salazar et al., 2021; Webb et al., 2020) compared to the rest of the belt. Another case is 
distinctive: sample 715-7 has two quartz-rich bands showing different quartz grain sizes and phyllosilicate 
mineral abundances, yielding two types of quartz CPO patterns. The band with dominantly ∼10–100 μm 
quartz grains and ∼15 modal percentage Fe-amphiboles (715-7 bqtz) shows prism <c> slip, whereas the 
other band with dominantly >150 μm quartz grains and <5 modal percentage Fe-amphiboles shows prism 
<a> slip (Figure 7a). Both bands show top-to-northwest shear sense (Figure 5).
All samples yield J<c>-indexes (J-indexes of quartz c-axis pole figures, same below) from 1.20 to 3.26, M-in-
dexes from 0.01 to 0.18, and R-values from ∼0.2 to ∼0.9 (Table 2; Figures 5, 8, and S6). Due to the overall high 
R-values, the constriction or flattening components in these pole figures cannot be determined (Table 2; Fig-
ure S6) (Barth et al., 2010). To search for signals that indicate strain localization within proposed shear zones 
or proposed subterranes (e.g., Appel et al., 1998; Nutman & Friend, 2009) (Figure 2), we plotted histograms 
that compare texture indexes of samples from different lithological units (Figures 8a, 8b, and S6), from differ-
ent age parts of the belt (Figure 8c), from within or out of the proposed shear zones (Figure 8d), from different 
proposed subterranes with contrasting strain histories (Figure 8e), and of different shear senses (Figure 8f). 
We found that no specific group of samples show systematically higher texture indexes compared to other 
complementary groups (Figures 8 and S6; Table 2). We also plotted texture indexes with samples’ indexed 
quartz modes (Figures 8g–8i). These diagrams show that 17 out of 24 quartz-rich samples have J<c>-in-
dexes below 2, and only two quartz-rich samples have J<c>-indexes above 3. All quartz-poor samples show 
J<c>-indexes below 2. The modal abundance of quartz in our samples appear to have had some control on 
the CPO intensities, but such control was much weaker compared to Alpine Fault zone, New Zealand sam-
ples (∼1.2–∼3.3 vs. ∼1.0–∼12, J <c> values) studied by Little et al. (2015) (Figure 8i), in which they exam-
ined compositional layers of varying quartz modal abundances in amphibolitic rocks from a section of fault. 
Moreover, differences in the texture indexes of our samples are much smaller than the variances observed 
across a major fault zone (which may localize the strain to create stronger CPO strengths in quartz). For ex-
ample, quartzite samples from within 200 or >200 m away of the Main Central thrust of the Himalaya yield 
M-indexes of 0.08–0.34 or 0–0.20, respectively (Starnes et al., 2020). In contrast, the M-indexes of our samples 
(regardless of indexed quartz modes) are mostly less than 0.1, except two outliers (717-4 and 730-2C) which 
still have relatively small M-indexes of 0.18 and 0.13, respectively (Table 2; Figure S6).
In contrast to the large diversity in the CPO-inferred dominant slip systems in quartz, analysis of the pref-
erence of misorientation axes of subgrain boundaries (Figures 6 and S4) shows higher constancy between 
samples. Most of quartz-rich and quartz poor samples show dominance of rotation axes of quartz slip sys-
tems parallel to the c-axes. Such a signal corresponds to prism <a> slip (Figure 6). Within these samples, 
except for 715-5A, 715-5F, and 729-1A (which show dominant prism <a> slip in quartz CPO pole figures, 
Figure 5), significant numbers of misorientation axes of subgrain boundaries also plotted along the periph-





and/or prism <c> slip (Figure 3c). Only two samples show different results in the distribution of subgrain 
boundaries’ misorientation axes (Figure 6). A quartz-rich sample 801-1B shows a maximum density of ro-
tation axes parallel to the pole of {z}, matching dominance of rhomb <a> slip. A cluster near <a> direction 
appears as the secondary maximum of subgrain boundaries’ misorientation axes of sample 801-1B, which 
corresponds to activation of both prism <c> and rhomb <a> slip (Figure 6). A quartz poor sample 801-4 
shows a maximum near <a> direction, with a significant amount of misorientation axes plotted along the 
peripheral representing slip in <a> or <c> directions (Figure 6). This pattern indicates dominance of both 
basal <a> and prism <c> slip (Figure 3c). In most samples (e.g., 715-7sqtz, 721-1A, 730-2C), identified sub-
grain boundaries only occur in small fractions of quartz grains, whereas bigger fractions of quartz appear 
to lack intracrystalline strain or dislocations (e.g., no bending or subgrain boundaries). In contrast, most 
quartz grains in sample 715-5A, 715-7bqtz, 717-4, 717-7, and 726-5 appear to preserve subgrain boundaries, 
though the density of these is low (Figures 7 and S4). The traces of most identified subgrain boundaries are 
straight or slightly curved, with lengths ranging from one-third, to similar values of the diameters of quartz 
grains. Some subgrain boundaries are much shorter, and sometimes feature curved traces (Figure S4).
5. Discussion
Our quantitative microstructural data from quartz CPO pole figures (Figure 5) show that rocks from the 
eastern Isua supracrustal belt, regardless of their ages, lithologies, or positions relative to inferred shear 
zones, preserve dominantly prism <a> to prism <c> quartz slip systems (17 out of 29), opposing top-to-
northwest or top-to-southeast shear senses (21 out of 26 samples showing noncoaxial strain), and quasi-
uniformly-low quartz CPO strengths (all quartz fabric M-indexes are under 0.1 except for two outliers at 
0.13 and 0.18) that developed during syn-tectonic growth of amphibolite facies minerals like garnet. The 
microstructural data from inverse pole figure plots of subgrain boundaries’ misorientation axes (Figure 6) 
show dominance of prism <a> slip (27 out of 29 samples), with two samples featuring dominantly prism 
<c> and/or basal <a> slip systems. No ≤ 100-m-scale, discrete shear zones that would have localized strain 
can be identified within our quartz fabric strength data, consistent with the lack of such zones as identified 
in the field (Webb et al., 2020). Furthermore, interpretation of the “dividing sedimentary unit” as the top-to-
south subduction interface appears inconsistent with the opposing shear senses recorded in samples from 
this unit (715-7 and 730-2F vs. 726-6A) (Figures 4d, 4i, 8a, and 8b) (Table 2). In the following sections, we 
discuss the implications of these findings for the viabilities of proposed tectonic models, the deformation 
conditions of the observed strain, and the P-T-t-d evolution of the Isua supracrustal belt.
5.1. Viability of Proposed Tectonic Models
Proposed tectonic models predict contrasting strain distributions (i.e., whether the strain is distributed, or it 
is localized in m-scale shear zones) and shear sense indicators across the belt (see Tectonic Models section). 
The shearing and horizontal shortening model (Figure 2a) predicts top-to-south shearing during the uplift 
of the northern tonalite, and some top-to-east-northeasthorizontal shearing during the later shortening and 
folding. These model predictions are not consistent with the observed widespread top-to-north shear sense 
indicators across the belt.
The southward subduction model predicts top-to-north shearing along numerous m-scale discrete shear 
zones during subduction (Figure 2b). Proposed later wedge extrusion along a structurally high, top-to-south 
shear zone (i.e., the boundary between the Isua supracrustal belt and south metatonalite) predicts a local 
reversal of shear sense. These predicted shear zones are not identified with our quartz fabric strength data. 
The spatially random distribution of opposing top-to-southeast and top-to-northwest shear sense indicators 
across the belt (Figures  8and 8) does not agree with the model predictions that the top-to-south shear sense 
indicators should only be observed at or near the proposed structurally high shear zone.
The northward subduction model (Figure 2c) predicts top-to-south shearing along discrete m-scale shear 
zones during both the ca. 3.7–3.66 Ga arc-collision stage and the ca. 3.66–3.61 Ga orogenic collapse stage 
(Nutman et al., 2013b). This model also involves a subterrane preserving significantly lower strain versus 





within highly strained areas (e.g., shear zones or highly strained terranes) might yield higher texture in-
dexes comparing to rocks from weakly strained areas (e.g., Little et al., 2015; Starnes et al., 2020). However, 
our microstructural data show no evidence of systematically higher texture indexes within the proposed 
shear zones (Figure 8d) and in these proposed subterranes (Figure 8e). Such findings may indicate a lack 
of significant strain localization and preservation of quasiuniform strain intensities across the belt, con-




Figure 6. Inverse pole figures (in crystal coordinate systems) of 2°–10° subgrain boundaries in quartz. Most samples show dominance of prism <a> slip in 
quartz. The corresponding quartz subgrains and subgrain boundaries are illustrated in Figure S4. Locations of quartz crystal directions and rotation axes of 
quartz slip systems follow Figure 3c.
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and  top-to-northwest shear sense indicators across the belt and in the proposed top-to-south suture do not 
match the model predictions (Figures 8a-8f).
The occurrence of quasirandomly distributed, opposing shear sense indicators, quasiuniform quartz fabric 
strengths, and syn-tectonic garnets across the belt is consistent with the entire belt and adjacent tonalite be-
ing deformed into ≥0.1-m-scale sheath and curtain folds under amphibolite facies conditions. Although our 
structural data are from the eastern belt, published field observations show that the structural geometries 
and deformation styles of the western belt are similar (Figure 1) (e.g., Hanmer & Greene, 2002; James, 1976; 
Nutman & Friend, 2009): (1) the entire supracrustal belt features southeast-plunge mineral stretching lin-
eations that are generally subparallel to fold axes of 0.1–1 m-scale curtain folds; and (2) the km-scale fold 
limbs yield stereographic projection intersections coincident with the projections of lineations (Figure 9c) 
(Webb et al., 2020). Similar deformation fabrics occur in the ca. 3.8–3.7 Ga metatonalite and the ca. 3.66–
3.61 Ga granite/pegmatite sheets, with the exception of the northern part of the ca. 3.7 Ga metatonalite 






 extrapolation is that the macro-/microstructural patterns of the Isua supracrustal belt and the adjacent 
metatonalites can all be interpreted as preserving 0.1-m to km-scale sheath and curtain folds and homog-
enously distributed strain (Webb et al., 2020). Therefore, our microstructural data, and protolith settings, 
macrostructures, and metamorphic patterns (see in Tectonic Models section) (Ramírez-Salazar et al., 2021; 
Szilas et al., 2015; Webb et al., 2020) agree with the recent proposal that the geology the Isua supracrustal 
belt can be interpreted via heat-pipe tectonics, with or without a late Eoarchean transition to plate tectonics 
(Webb et al., 2020).
5.2. Origins of Observed Structures
Our maximum quartz fabric strength (3.26  J<c> index or 0.18 M-index, Figures  9a, 9b, and S6) is dis-
tinctly lower than the highly strained quartzite samples from plate tectonic major shear zones (with J<c> 
indexes up to ∼12 and M-indexes up to 0.34). Assuming dominance of dislocation creep, the lack of high 
quartz fabric strength indicates that the investigated quartz grains record low finite strain. This interpreta-
tion seems to be inconsistent with prior observations, as well as the heat-pipe model prediction, indicating 
that the entire belt has been dramatically stretched and thinned (e.g., Fedo, 2000; Furnes et al., 2007; Webb 
et al., 2020). However, there are several factors in the Isua supracrustal belt that may have permitted weak 
CPO development even under high strain. First, the presence of fluids or other phases between quartz, or 
dominance of small recrystallized grains may promote diffusion creep or grain boundary sliding for deform-
ing quartz at natural conditions (see below) (e.g., Halfpenny et al., 2012; Rahl & Skemer, 2016). These two 
mechanisms may not produce a CPO (Cross et al., 2017) and could weaken the preexisting CPO (e.g., Cross 
et al., 2017; Wheeler, 2009; Zhang et al., 1994); Second, abundant weak phases such as biotite, muscovite, 
or Fe-oxides may form interconnected networks and accommodate most of the strain, leaving the quartz 
relatively weakly strained and weakly preferably oriented (Cross et al., 2017; Cyprych et al., 2016; Gardner 
et al., 2019; Gonçalves et al., 2015; Hunter et al., 2016; Little et al., 2015). Third, means of grain size of our 
samples can be as low as ∼10–30 μm, a grain size that has been postulated to enable dominance of diffusion 
creep at amphibolite facies conditions (e.g., Kilian et al., 2011). Consequently, bands of fine-grained quartz 
may have deformed by diffusion creep. Furthermore, abundant quartz grains in some of our samples (e.g., 
720-4, 721-1A, 802-5) show polygonal or lobate shapes, straight boundaries and a tendency of being aligned 
with the orientations of foliations (Figure S4), features previously linked to grain boundary sliding associat-
ed with diffusion or dissolution-precipitation creep (Halfpenny et al., 2012; Rahl & Skemer, 2016). Further-
more, deformed, interconnecting bands of phyllosilicates and Fe-oxides indeed occur in our samples (e.g., 
Figures 4c–4f, S3, and S4). The difference in J <c>-indexes between quartz-poor samples (all below 2) and 
quartz-rich samples (many above 2) also implies a connection between secondary phases and quartz CPO 
intensities. Therefore, during prograde amphibolite metamorphism, presence of fluids, quartz recrystalli-
zation and formation of abundant, sometimes interconnecting weak phases such as biotites or amphiboles 
(Table 2; Figure S5) may have (1) promoted diffusion creep and/or grain boundary sliding, and/or (2) ac-
commodated most of strain, and thus allowed for the development of weak quartz CPO under high strain.
Based on a widely used quartz fabric thermometer (Stipp et al., 2002), the occurrence of basal <a> to prism 
<c> dominance in our quartz c-axes pole figures (Figure 5) indicates deformation under greenschist to 
granulite (i.e., ∼300°C to >650°C) conditions. However, this wide temperature range conflicts with petro-
logical observations (for example, there are no relict metamorphic assemblages or chess-board extinction of 
quartz to confirm >650°C conditions) (this study and Webb et al., 2020) and results from phase equilibria 
modeling of syn-tectonic paragenesis (Ramírez-Salazar et al., 2021) which indicate that the entire belt was 
deformed and metamorphosed under amphibolite conditions prior to ca. 3.5 Ga. Interestingly, the domi-
nant slip system (i.e., prism <a> slip) in quartz as defined by the misorientation axes of quartz subgrain 
boundaries in most samples (Figure 6; Table 2) matches the temperature range constrained by petrologi-
cal evidence (i.e., amphibolite facies conditions). Below, we discuss the apparent mismatch between the 
CPO-constrained dominant slip systems in quartz (Figure 5) and the petrological evidence, as well as the 
misorientation axes plots (Figure 6). We show how these quartz CPO patterns can be interpreted as compat-
ible with amphibolite facies conditions. We note that in the discussions below, all CPO-inferred quartz slip 
systems are from quartz-rich samples because the relationships between CPO and slip systems were mostly 





First, the observed prism <c> patterns do not necessarily reflect >650°C temperatures. Factors such as 
low strain rate, water weakening, and/or grain size reduction could reduce the transitional temperature 
from prism <a> to prism <c> to ∼550°C–600°C (Figure 3a) (e.g., Blacic, 1975; J. Kruhl, 1998; Okudaira 
et al., 1995; Toy et al., 2008; Tullis et al., 1973). Water weakening should have been possible since hydrous 
minerals (e.g., mica and amphiboles) are present as both peak metamorphic phases and deformation fabric 
elements (Figure 4, Table 2), such that phase equilibria modeling efforts assume presence of fluids during 
the prograde metamorphism (e.g., Arai et al., 2015; Ramírez-Salazar et al., 2021). These mechanisms could 
explain sample 801-8B and 801-4 where there are significant numbers of subgrain boundaries’ misorienta-
tion axes plotted at the <a> direction (Figure 6), indicating dislocation creep via prism <c> slip systems.
In misorientation axes plots, a band of sample 715-7 (see below) and samples 718-1, 720-4, 726-1, and 802-
5 show strong signals of prism <a> slip, and much weaker signals of prism <c> slip (Figure 6). These 
patterns are in conflict with the prism <c> slip dominance inferred from their quartz CPO patterns (Fig-
ure 5). Findings from sample 715-7 may provide an explanation for such a conflict and show how a prism 




Figure 7. Representative quartz grain maps (overlying band contrast maps). (a) Sample 715-7 has two zones with 
different dominant quartz slip systems activated. The area with mostly >150 μm quartz grains and <5 modal percentage 
Fe-amphiboles (upper) shows prism <a> slip, whereas the area with mostly ∼10–100 μm quartz grains and ∼15 modal 
percentage Fe-amphiboles (lower) shows prism <c> slip. The inverse pole figures only show quartz grains and are 
color-coded relative to the strike direction. On the right are their c-axis pole figures. The code for quartz CPO patterns 
on the left of each pole figure is the same as in Figure 3 (b) Samples 721-1A and 721-2A preserve equant, polygonal-








(Figures 5–7a). There, a band (715-7sqtz) with relatively small, elongated-shaped quartz grains (with a vol-
ume-weighted mean of diameters of ∼84 μm) as well as high Fe-amphibole modal percentage (15 vol%) 
yields prism <c> quartz CPO, whereas another band (715-7bqtz) with bigger, polygonal- or ameboid-shaped 




Figure 8. Sample locations and quartz CPO texture index statistics. (a and b) Sample locations and their J <c> indexes (J-index of c-axis pole figure). The blue 
or green texts are sample names, which are color-coded based on their relationships to the proposed subterranes (Appel et al., 1998). See Figures S2b and S2c 
for clearer visualization of locations of samples relative to proposed shear zones and subterranes. Samples with bold text are those show quartz aggregates or 
bands and/or ≥30% quartz modes in EBSD maps. Samples with regular text in gray boxes are those with ≤20% quartz modes and/or isolated quartz grains in 
EBSD maps (Figure S4). Black numbers are J <c> values of quartz c-axis pole figures. Lines indicate the locations of the samples (solid lines: samples not from 
a proposed shear zone; dashed: samples from a proposed shear zone [Appel et al., 1998; Nutman & Friend, 2009]). Some of these shear zones are coded to better 
support readers to check the locations of samples in Table 2. Arrows and diamonds are oriented parallel to the stretching lineations at the sample locations. 
Arrows point toward the top-shear-directions. Color codes for lithologies and map locations are given in Figure 1. We note that the dominant quartz slip 
systems of investigated sample could be far more uniform (i.e., mostly prism <a>) than the CPO results presented here (cf. Figure 6). (c–f). Histograms showing 
the distributions of J <c> values grouped by different types of samples. (g and h) J <c> value of the quartz c-axis pole figure as a function of indexed quartz 
percentage in the EBSD map of each sample. These scatterplots show a weak increase of average CPO strengths toward higher quartz modal percentages in our 
samples. However, in contrast to amphibolite rocks from the Alpine Fault zone in New Zealand (i) (Little et al., 2015), the increase here is modest/negligible.
Figure 8. Continued
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percentage (5 vol%) shows prism <a> slip (Figure 7a). There is no evidence indicating that these two bands 
were deformed during different events with different temperatures. We suggest that in 715-7sqtz, the small-
er grain sizes as well as the presence of phyllosilicate phases may have localized stress at the microscopic 
grain scales. Higher stress may permit more activities of energetically unfavored slip systems (e.g., Chauve 
et al., 2017; Morales et al., 2011). Also, as mentioned before, water weakening could make activation of 
prism <c> slip in quartz easier (e.g., Blacic, 1975). These hypotheses are consistent with the differences in 
the distribution of misorientation axes of quartz subgrain boundaries in both areas of 715-7. In the inverse 
pole figures, 715-7sqtz shows a much stronger cluster at <a> direction compared to 715-7bqtz, suggesting 
higher activities in prism <c> slip systems in quartz of 715-7sqtz (Figure 6). Previous work found that a 
quartz CPO indicating prism <a> slip could be developed from growth (via grain boundary migration) of 
quartz grains with [c] axes pointing to a sample’s Y direction (i.e., a direction on the foliation plane that 
normal to the lineation direction) at the expense of quartz grains pointing toward other directions (e.g., 
Muto et al., 2011). Therefore, if the quartz grains are unfavorably oriented (e.g., Ceccato et al., 2017; Muto 
et al., 2011), and/or the growth of quartz grains is limited by other phases (e.g., Cross et al., 2017; Cyrpch 
et al., 2016), a prism <a> type quartz CPO may not develop even if subgrain boundaries indicate dominance 
of prism <a> slip (e.g., Ceccato et al., 2017). In 715-7sqtz, most quartz grains and all the Fe-amphiboles 
show alignment to the lineation direction (Figure 7a). This texture could have prevented the development 
of a prism <a> type CPO while both prism <a> and prism <c> slip were activated in quartz under amphi-
bolite facies conditions. Such an explanation could also be applied to 718-1, 720-4, 726-1, and 802-5, where 
quartz bands/aggregates are interleaved with other phases, and all minerals are aligned with the lineation 
directions (Figure S4).
Lastly, samples 721-1A, 721-2A, 726-5, and 729-4 show clear dominance of the basal <a> slip system 
(Figures 5 and 8). In contrast, their misorientation axes of subgrain boundaries show dominance of prism 
<a> slip system in quartz. Weaker signals of slip on the basal planes are also present (Figure 6). A lat-
er, low-temperature deformation (e.g., a retrogressive event) that overprinted earlier high-temperature 
fabrics is possible (although no textural evidence for this was found). Findings from 721-1A and 721-2A 
(Figures 5–7b) may offer another explanation for the apparent mismatch between the dominant slip sys-
tems determined by two methods. In 721-1A and 721-2A, quartz grains show equant, polygonal shapes. 
Other than extraordinarily few subgrain boundaries, there is little intracrystalline deformation (i.e., lattice 
orientation of the crystal [represented by colors in Figure 7b] shows negligible variation within the grain 
boundary). Such patterns imply postdeformational recovery at or near the deformational temperatures 
(e.g., Heilbronner & Tullis,  2002; Trimby et  al.,  1998; Tullis & Yund,  1989). During postdeformational 
recovery, positions of (sub)grain boundaries and the associated dislocations may change to minimize the 
stored energy, leading to annealing of subgrain boundaries, formation of new grain boundaries, as well as 
grain boundary migration which forms equant, polygonal shapes for quartz (e.g., Borthwick et al., 2014; 
Heilbronner & Tullis, 2002; Trimby et al., 1998) (for comparisons between preannealing quartz and an-
nealed quartz, please see Heilbronner and Tullis [2002], Trimby et al. [1998], and Tullis and Yund [1989]). 
The annealing process, which can reduce the density of subgrain boundaries, could be more prominent 
in certain types of subgrain boundaries. Controlling factors include the annealing temperatures and the 
slip systems associated with the subgrain boundaries (e.g., Borthwick et al., 2014; V Borthwick & Piazo-
lo, 2010). Therefore, it is possible that samples 721-1A and 721-2A have been deformed with activation of 
both basal <a> and prism <a> slip systems in quartz, with the peak deformational temperatures match-
ing lower amphibolite facies conditions. Postdeformational recovery under lower amphibolite facies to 
greenschist facies conditions may have preferentially moved the dislocations associated with the basal 
<a> slip system, accentuating the basal <a> type signal in CPO patterns for these samples. In contrast, 
dislocations associated with prism <a> slip system may be harder to annihilate under similar conditions, 
forming the majority of preserved subgrain boundaries. In all Isua supracrustal belt samples, we find that 
most quartz grains have small to zero intracrystalline distortion, whereas the density of subgrain bound-
aries in the majority of quartz grains is low (Figure S4) (see Kruhl and Peternell [2002] for examples of 
subgrain boundary density in annealed quartz grains). Therefore, we interpret that all Isua samples have 






In keeping with the above discussions, we suggest that the dominant quartz slip systems activated 
in these samples are not only temperature-dependent, but also reflect other metamorphic/deforma-
tional conditions such as water content, presence of other phases, or postdeformational annealing. 
These complexities may explain the large diversity in quartz CPO patterns (Figure  5) and the high 
similarities in quartz subgrain boundaries’ misorientation axis records (Figure  6). We interpret that 
basal <a>, prism <a> and prism <c> slip observed in the quartz CPOs of Isua samples are consistent 
with deformation under peak temperatures of ∼500°C–650°C (i.e., amphibolite facies condition) in hy-
drous  environments (Figures 3, 5, 6, 8a, and 8b). This interpretation is in accordance with the observed 




Figure 9. Stereonets showing the stretching lineations and fold axes measured across the belt and adjacent metatonalites (a–c) and their relationships with 
interpreted shear senses and dominant quartz slip systems as indicated by pole figures (d and e). Data sources: lineation and fold axis (this study; James, 1976; 








et al. [2021]). Deformation could have been followed by static, postdeformational recovery at similar 
and/or lower temperatures.
The interpreted deformation and postdeformation annealing conditions are consistent with the observed 
syn-tectonic garnets (Table 1; Figure 4), the ∼550°C garnet-biotite temperature estimates (Rollinson, 2002 
and references therein), and the ∼540°C–600°C estimates from phase equilibria modeling and cation-ex-
change thermobarometry on the prograde metamorphic paragenesis (Ramírez-Salazar et al., 2021). Sim-
ilarly, a later static metamorphism event at <540°C or retrogression at <500°C (see Ramírez-Salazar 
et  al.  [2021]) could also promote postdeformational recovery as discussed above. The deformation tem-
peratures (∼500°C–650°C) from our results correspond to ∼24  km depth (Ramírez-Salazar et  al.,  2021) 
assuming a geothermal gradient of ∼21°C–27°C/km, comparable with other Archean records (Brown & 
Johnson,  2018) and subducting slabs in relatively warm subduction systems (Chi & Reed,  2008; Zheng 
et al., 2016). The calculated geothermal gradient and interpreted deformation conditions may reflect lo-
cal settings during (1) a small fraction of “heat-pipe” cooling history when the deformation occurred (i.e., 
ca. 3.7–3.6 Ga), and/or (2) during the predicted ca. 3.66–3.61 Ga plate-breaking/subduction. In the first sce-
nario, the cold geotherm versus what is expected from Archean heat flow (nearly double of the present-day 
values, assuming conductive cooling only) (e.g., Jaupart, 2006; Jaupart & Mareschal, 2010) reflects the chill-
ing effect of the rapid burial of cooled, hydrous surface volcanic rocks (Moore & Webb, 2013). Such condi-
tions in combination with predicted radial constriction in response to volcanic burial (e.g., Bland & McKin-
non, 2016; Schenk & Bulmer, 1998) would have produced the observed metamorphism and deformation. In 
the second scenario, the plate-breaking/subduction event would have recycled most of the Eoarchean crust 
and strongly shortened the rest (e.g., Beall et al., 2018). In response to crustal recycling, proto-subduction 
zones would have developed, where collisional deformation and a cold geotherm are expected.
5.3. A New P-T-t-d Pathway for the Isua Supracrustal Belt
Our results show that the geology of the Isua supracrustal belt and adjacent tonalites can be viably interpret-
ed by the following P-T-t-d evolution pathway (Figure 10) (in chronological order):
1.  Eruption and deposition of voluminous ca. 3.8 Ga supracrustal materials onto older lithosphere in a 
marine setting as fed by the partially molten mantle in heat-pipe settings
2.  Intrusion of ca. 3.8 Ga tonalite at depths of ∼15 km. The tonalite was generated by partial melting of 
cold, hydrated lower crust (Kamber et al., 2003) in response to downward burial due to deposition of the 
thick ca. 3.8 Ga supracrustal sequence
3.  Deposition of the “dividing sedimentary unit” onto ca. 3.8 Ga materials before ca. 3.7 Ga, followed by 
eruption and deposition of voluminous ca. 3.7 Ga supracrustal materials
4.  Intrusion of ca. 3.7 Ga tonalite into the ca. 3.7 Ga supracrustal materials at depths of ∼15 km as a result 
of melting of the deeper lithosphere in response to burial
5.  Potentially early metamorphism of the ca. 3.8 Ga rocks at ca. 3.7 Ga in response to burial of the 3.8 Ga 
crust under potentially ∼20 km-thick ca. 3.7 Ga crustal materials, generating metamorphic magnetites 
with ca. 3.7 Ga ages (Frei et al., 1999)
6.  Intrusion of the Inaluk dikes at ca. 3.66 Ga (Crowley, 2003; Crowley et al., 2002)
7.  Regional deformation and metamorphism at ca. 3.66 to 3.61 Ga (or potentially extending as late as 3.5 Ga) 
in association with dramatic thinning, stretching, and shearing, which generated the observed macro 
and microstructures, syn-tectonic amphibolite metamorphism, and granite intrusions (Figure 9a). This 
event may reflect contraction during heat-pipe downward advection in response to the reduction of 
spherical area, or a plate-breaking/subduction event that marked the end of heat-pipe cooling and the 




Figure 10. A compilation of geochronology data from the Isua supracrustal belt and adjacent metatonalites, followed by our preferred evolution history of 
the belt and metatonalites (see text for detailed discussion). We note that compiled Pb-Pb step-leaching ages, Lu-Hf ages, and Sm-Nd ages are from rocks or 
minerals sampled from the south belt. Abbreviations: SHRIMP, sensitive high-resolution ion microprobe; ID-TIMS, Isotopic dilution thermal ionization mass 
spectrometry. Raw age data (spot ages) are presented in Figure S6. Data sources are: Blichert-Toft and Frei (2001), Compston et al. (1986), Crowley (2003), 
Crowley et al. (2002), Frei and Rosing (2001), Frei et al. (2004), Frei et al. (1999), Friend and Nutman (2010), Friend et al. (2002), Gruau et al. (1996), Hanmer 
et al. (2002), Kamber et al. (2005), Nutman and Friend (2009), Nutman et al. (1996, 1997, 1999, 2000, 2002, 2004, 2007, 2009, 2013b), and Rosing and Frei (1999).
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8.  Cooling at ca. 3.6  Ga from amphibolite facies conditions recorded by titanite (Figure  9a), that is, if 
such ages are interpreted as cooling ages rather than growth ages (Figure 10b) (Crowley, 2003; Crowley 
et al., 2002). Post deformational recovery in quartz followed the cessation of regional deformation
9.  Intrusion of the ca. 3.5–3.2 Ga Ameralik dikes in combination with partial resetting of various isotopic 
systems. Rifting of a primordial southwest Greenland craton may have led to crustal thinning and intru-
sion of the Ameralik dikes (e.g., Nutman et al., 2004). Alternatively, these dikes may reflect remnants of 
melt transportation pipes feeding younger, unspecified (or unexposed) supracrustal rocks (e.g., Gill & 
Bridgwater, 1979)
10.  One or multiple thermal/cooling event(s) within the ca. 3.0–2.6 Ga period, which produced the observed 
posttectonic garnets and metasomatic minerals (Figures 4c, 10a, and S7) (Ramírez-Salazar et al., 2021; 
Rollinson, 2003), further postdeformational recovery in quartz, amphibolite metamorphism in the Am-
eralik dikes (Nutman et al., 2004), minor deformation (Nutman, 1986; Nutman et al., 2002), and partial 
resetting of various isotopic systems (Figure 10). This event(s) has been associated with tectonic and 
thermal responses of multiple terrane collision events interpred from the geology of adjacent areas with-
in Meso and Neoarchean time (Nutman et al., 2015b)
6. Conclusions
Our results show that the pre3.5 Ga structural patterns of the Isua supracrustal belt are not consistent with 
Eoarchean plate tectonic models (e.g., Komiya et al., 1999; Nutman & Friend, 2009). In contrast, the geology 
of the belt is consistent with the predictions of a heat-pipe tectonic model (Webb et al., 2020). Thus, the belt 
is not an exception to the growing consensus that global plate tectonics did not start until ca. 3.2 Ga or later 
(Condie & Puetz, 2019; Naeraa et al., 2012; M. Tang et al., 2016). Similar heat-pipe tectonic regimes have 
been proposed for other cooling terrestrial bodies in the solar system (Lenardic, 2018; Moore et al., 2017; 
Stern et al., 2017). Specifically, it is thought that after the magma ocean stage, heat-pipe cooling dominated 
and subsequently transitioned to plate tectonics (in Earth’s case) or to a cold stagnant-lid regime (Mars, Mer-
cury, the Moon, and Venus). Our results do not preclude the possibility of pre-3.2 Ga plate tectonic defor-
mation, as the main ca. 3.6 Ga phase of deformation across the supracrustal belt could potentially reflect 
a plate-breaking event. Existing compilations of Eoarchean geology (Nutman et al., 2015a) and evidence 
from zircon isotopes can be interpreted to indicate a geodynamic transition at ca. 3.6 Ga (Bell et al., 2014; 
Mueller & Wooden, 2012; Ranjan et al., 2020). Such an event may have led to episodic stagnant-lid cooling 
punctuated by short-lived subduction (e.g., Van Kranendonk, 2010), such that the ca. 3.6–3.2 Ga interval 
might represent a stagnant lid regime prior to transition to plate tectonics during ca. 3.2–2.5 Ga (e.g., Condie 
& Puetz, 2019; M. Tang et al., 2016).
Data Availability Statement
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